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Physical mechanisms of seismic anisotropy in the D” layer are examined based on seismological and mineral
physics observations. The results of body-wave seismology on the fine structure of the D” layer and of mineral
physics studies on the elastic constants and the lattice preferred orientation in lower mantle minerals as well as the
shape preferred orientation of melt pockets are taken into account. Evidence of large but depth (pressure)-dependent
elastic anisotropyof lowermantleminerals, particularly (Mg,Fe)O, andof tilted shapepreferredorientation of sheared
partial melts is summarized. It is shown that both shape preferred orientation of partial melts (or iron-rich secondary
phases) and lattice preferred orientation of minerals with well-documented slip systems are difficult to reconcile
with seismological observations. However, lattice preferred orientation of highly anisotropic mineral, (Mg,Fe)O,
is consistent with most of the seismic observations if the dominant glide plane under the D” layer conditions is
{100} rather than {110} as observed at lower pressures. Such a change in glide plane in MgO (or (Mg,Fe)O) is
likely to occur as a result of pressure-induced change in elastic anisotropy and/or in the nature of chemical bonding
(and possibly due to high temperatures). Both solid-state and partial melt mechanisms of anisotropy imply that the
VSH > VSV (VSV > VSH) polarization anisotropy means horizontal (vertical) flow. In the solid-state mechanism,
significant VSH > VSV in theD” layer beneath the circum-Pacific (Alaska and the Caribbean) implies horizontal shear
at high stress caused presumably by the collision of subducting materials with the core-mantle boundary. Highly
variable anisotropy beneath the central-Pacific can be attributed to solid-state fabrics caused by a complicated three-
dimensional flow presumably related to the upwelling of plumes, but anisotropy in this region could also be attributed
to the shape preferred orientation of melt pockets the presence of which is suggested by very low average velocities.
1. Introduction
The D” layer is a bottom boundary layer of convecting
mantle and therefore is a key to a number of questions on
the dynamics and evolution of the Earth. For example, it
has been suggested that the D” layer may be a source of hot-
spots (Morgan, 1971; Stacey and Loper, 1983). Strong dy-
namical interaction of downgoing convection currents with
the core-mantle boundary is also suggested by some numer-
ical modeling (Honda et al., 1993) and seismic tomogra-
phy (e.g., Woodhouse and Dziewonski, 1989; van der Hilst
et al., 1997). Penetration of iron-rich materials to the D”
layer through chemical reaction and/or by interfacial ten-
sion driven flow is also a possibility that may have influence
on electro-magnetic interaction between the core and mantle
(Knittle and Jeanloz, 1991; Poirier and Le Moue¨l, 1992).
Seismology can provide the most precise and richest in-
formation on which to place constraints on these processes
(e.g., Lay et al., 1998a,b). In addition to velocity heterogene-
ity (e.g., Williams and Garnero, 1996; Garnero et al., 1998),
seismic anisotropy carries potentially important information
on the dynamics of the solid Earth (Karato, 1989), but the
interpretation of seismic anisotropy in the D” layer has been
difficult because of poor understanding of mechanisms of
anisotropic structure formation (e.g., Karato, 1998; Lay et
al., 1998a,b).
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The presence of anisotropy in the D” region has been rec-
ognized by several previous studies (Vinnik et al., 1989,
1995, 1998; Maupin, 1994; Kendall and Silver, 1996; Matzel
et al., 1996; Garnero and Lay, 1997; Lay et al., 1998b). The
presence of anisotropy is a remarkable feature particularly
because the absence of anisotropy in most of the lower man-
tle is well documented (Kaneshima and Silver, 1992; Meade
et al., 1995; Montagner and Kennett, 1996). Therefore the
questions to be addressed are: (i) why is (some portion of)
the D” layer anisotropic whereas the rest of the lower mantle
is isotropic? and (ii) what is the relation between the ge-
ometry of anisotropy and the dynamics of that layer where
anisotropy exists?
To answer these questions one needs to investigate themin-
eral physics of anisotropy. Mineral physics issues critical to
anisotropy include: (i) elastic anisotropy of the lower mantle
minerals, (ii) nature of deformation fabric in lower mantle
minerals and (iii) the nature of alignment (shape preferred
orientation) of secondary phases such as melt pockets by de-
formation. Significant progress has beenmade on these three
issues during the last a few years. This paper reviews the re-
sults of recent mineral physics studies on these issues and
discusses geodynamic implications of seismic anisotropy in
the D” layer.
2. Seismological Observations
Seismological observations on anisotropy in the D” layer
are summarized by Lay et al. (1998a,b). Most of the con-
straints on anisotropy have been obtained from the analysis of
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Fig. 1. Schematic diagrams illustrating shear wave velocity anisotropy and temperatures in the D” layer (A) beneath the circum-Pacific (Alaska and the
Caribbean) and (B) beneath the central-Pacific (after Lay et al., 1998a,b). ULVZ stands for ultralow-velocity-zone in which shear wave velocity can
be as much as ∼30% lower than average (Williams and Garnero, 1996; Garnero et al., 1998). Anisotropy is strong near the top of the D” layer in the
circum-Pacific but it is strong toward the bottom in the central-Pacific. Seismological observations are consistent with transverse isotropy, although
azimuthal anisotropy with some specific symmetry cannot be ruled out (see text). Temperature distribution is highly schematic. Lower than average
temperatures are expected in the circum-Pacific region where average velocities are higher than surrounding regions but temperatures are expected to be
higher than normal in the central-Pacific.
polarization anisotropy of shear waves. Seismic waves that
propagate nearly horizontally near the bottom of the mantle
(grazing waves) such as Sdiff, ScS, SKS, SPdKS etc. at large
distance ( ∼ 60–120◦) are used in these studies. Analyses
of shear wave splitting as well as waveform modeling are
used to constrain the structure.
The key seismological observations on the anisotropy in
the D” layer can be summarized as follows. (i) There is
strong VSH > VSV anisotropy (VSH and VSV are velocities
of horizontally or vertically polarized shear waves respec-
tively) in the circum-Pacific regions (beneath Alaska and the
Caribbean) where average velocities are higher than PREM.
(ii) Anisotropy is weaker in regions ofmoderate to slow aver-
age velocities. (iii) The anisotropic structure is highly com-
plicated in the central-Pacific region where average veloci-
ties are lower than PREM. Very large VSH > VSV anisotropy
(∼10%) is suggested (Vinnik et al., 1998) whereas a region
of VSV > VSH anisotropy is also hinted (Ritsema et al., 1998).
(iv) In the D” layer beneath circum-Pacific, anisotropy ap-
pears to occur mostly in the shallow portions of the D” layer
whereas in the central-Pacific, anisotropy seems to be con-
centrated in the deep portions of the D” layer. (v) Transition
from the isotropic to anisotropic region beneath Alaska and
the Caribbean is sharp and there is a sharp increase in VSH
as one goes into the D” layer, whereas VSV and VP change
less. (vi) There is no strong evidence of a velocity discon-
tinuity in regions beneath central-Pacific except at the very
bottom of the D” layer (“ultralow velocity zone”). (vii) In
most cases, the seismological data are consistent with trans-
verse isotropy because there is no evidence, in waveforms,
of significant interaction between SH and SV waves and of
the absence of significant shear wave splitting of vertically
traveling waves such as SKS (Kendall and Silver, 1996).
However, transverse isotropy is not well constrained and az-
imuthal anisotropy is suggested by some data (Winchester
and Creager, 1997; Valenzuela and Wysession, 1998). A
schematic diagram of velocity structures is shown in Fig. 1.
3. Mineral Physics Observations Relevant to Seis-
mic Anisotropy in the D” Layer
I will consider two microstructures that can cause seismic
anisotropy. One is the lattice preferred orientation (LPO) of
elastically anisotropic minerals, and the other is the shape
preferred orientation (SPO) of a two-phase mixture with dif-
ferent elastic moduli. The latter includes aligned melt pock-
ets as well as laminated structures involving former oceanic
crust or iron-rich materials that may penetrate from the core.
I first review elastic anisotropy in lower mantle minerals,
then discuss the deformation mechanisms in lower mantle
minerals that determine the presence or absence of LPO, the
nature of LPO in lower mantle minerals in the dislocation
creep regime and finally the SPO in a deformed two-phase
mixture.
3.1 Elastic anisotropy of lower mantle minerals
Although direct measurements of elastic constants under
lower mantle conditions are still not possible, there has been
major development in theoretical calculations and some indi-
rect experimental estimation of elastic anisotropy under deep
mantle conditions (Isaak et al., 1990; Duffy et al., 1995;
Karki et al., 1997a,b). The results can be summarized as fol-
lows. (i) Most of the deep mantle minerals including MgO
(or (Mg,Fe)O) and (Mg,Fe)SiO3 perovskite are anisotropic.
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(ii) The effects of pressure on elastic constants are large.
The elastic constants change from the top to the bottom of
the lower mantle by ∼50 to ∼200%. In contrast, the change
in elastic constants due to temperature is small, about ∼5–
10% corresponding to a temperature change of ∼1000 K.
(iii) However, the change in elastic constants with pressure
depends on individual elastic constants, and as a result, elas-
tic anisotropy of a given mineral changes significantly with
pressure.
In particular, one must note that MgO, one of the simplest
minerals in the mantle, is shown to have very large elastic
anisotropy (Isaak et al., 1990; Karki et al., 1997a). Elastic
anisotropy is large particularly for the shear moduli, which is
due to the softening of c44 associated with the instability of
B1 (NaCl-type) lattice under high pressures. Such behaviour
is common to many materials with the B1 structure (e.g.,
Anderson, 1995). As a result, the ratio of two shear moduli,
S = (c11 − c12)/2c44, increases significantly with pressure
(Fig. 2). Even the sign of the anisotropy changes: S is less
than 1 at low pressures, whereas S is significantly larger than
1 at high pressures (anisotropy of MgO is weak in mid-lower
mantle conditions, at around 1000–1500 km depth). Duffy et
al.’s (1995) experimental study supports this notion. MgSiO3
perovskite is also elastically anisotropic (Karki et al., 1997b),
but the magnitude of elastic anisotropy of perovskite is much
(A)
Fig. 2. Anisotropy of shear moduli (A) and seismic wave velocities (B)
in single crystal of MgO at different pressures and at T = 0 K (elastic
constants are from Karki et al., 1997a). Elastic constants in the shallow
lower mantle (P ∼ 25 GPa and T ∼ 2000 K) and in the D” layer
(P ∼ 125GPa and T ∼ 3000–4000K) correspond to those at P ∼ 0GPa
and T = 0 K and at P ∼ 100 GPa and T = 0 K respectively. (A)
Anisotropy in shearmoduli, S = (c11−c12)/2c44 , is plotted as a function
of pressure (arrows indicate the shift of effective pressures corresponding
to the 660 km boundary and the core mantle boundary (CMB) due to
temperature effect). Note that S is smaller than 1 at low pressures but
increases with pressure and becomes larger than 1 at around 10–20 GPa.
(B) The (001) cross sections of velocity surfaces at P = 0, 20, and
100 GPa are shown. Thick curves show quasi-compressional (the highest
velocity) and two quasi-shear wave velocities (the solid curves show the
shear wave velocities with polarization vector parallel to the [001] axis,
the dotted curves correspond to the velocities of quasi-shear waves with
polarization nearly perpendicular to the [001] axis) respectively. Note
that seismic anisotropy in MgO is large and changes significantly with
pressure. Velocities of two (quasi) shear waves coincide each other for
waves propagating along the 〈100〉 directions.
less than that of MgO.
The results reported here are for Mg-end members at 0 K.
To estimate elastic constants of minerals at lower mantle
conditions, I make the following assumptions. (i) The effect
of temperature is approximately accounted for by calculat-
ing elastic constants at the same density (Birch’s law; Birch,
1961). This means that elastic constants at high P and T can
be calculated from the theoretical values of elastic constants
at high P and 0 K by shifting pressure by P = −αKT
where α is thermal expansion and K is bulk modulus. For
the D” layer, this correction is P ∼ −30 GPa. (ii) Ad-
dition of a small amount of Fe does not affect anisotropy.
(iii) Anelastic relaxation, which is important for the inter-
pretation of velocity heterogeneity (Karato, 1993), does not
significantly affect elastic anisotropy. These hypotheses can
be challenged. In particular, the effects of Fe on the elastic-
ity must be investigated in more detail. However, the main
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Fig. 3. Cartoon showing the flow pattern in the D” layer. (A) In the D” in the circum-Pacific, the flow pattern is governed by the collision with subducting
cold materials with the core-mantle boundary. As cold materials squeeze into this layer, most of shear deformation occurs near the top boundary. Because
the strain-rates and hence stress levels in this region are significantly higher than those in the surrounding areas, dislocation creep is likely to occur to
cause significant lattice preferred orientation near the top boundary of the D” layer. (B) In the central-Pacific, the major driving force for flow in the D”
layer is a large buoyancy force in the ULVZ which is hot and less dense. Therefore major shear deformation occurs near the bottom of the D” layer. The
anisotropic structure thus formed may be either lattice preferred orientation (if stress is high enough) or shape preferred orientation of melt pockets. In
both cases, as flow direction changes from sub-horizontal to sub-vertical, the nature of anisotropy will change, resulting in variable anisotropy.
3.2 Deformation mechanisms of lower mantle minerals
Three issues are important here. First, fabric formation
depends on deformation mechanism. Deformation by diffu-
sion creep or superplasticity does not result in fabric (e.g.,
Edington et al., 1976; Karato et al., 1995), whereas defor-
mation by dislocation glide and/or twinning results in strong
fabric. Transition from strong to weak fabric associated with
the transition in deformation mechanisms has been demon-
strated for olivine (Karato andWu, 1993; Zhang et al., 1998)
and in perovskite (Karato et al., 1995). In all cases, the con-
ditions at which this transition occurs are within a range of
conditions that may occur in the Earth (Karato, 1997, 1998).
Second, the type of fabric (LPO) caused by dislocation glide
or twinning depends on the crystallography of dominant slip
systems and twinning (vanHoutte andWagner, 1985). Third,
dominant slip systems (and the geometry of twinning) can
change with deformation condition such as stress, tempera-
ture or pressure. This results in fabric transition which has
been well documented for quartz (Tullis et al., 1973) and
calcite (Wenk et al., 1973).
3.3 Deformation mechanism maps
The transition from an isotropic to an anisotropic structure
can occur as a result of change in deformationmechanism. A
change in deformationmechanism can be caused by a variety
of reasons. Let us assume a power-law creep equation,
ε˙i = Ai (σ ni /dmi ) exp[−H∗i /RT ] (1)
where ε˙i is strain-rate, T is temperature, P is pressure, σ is
stress, d is grain-size, R is the gas constant, Ai is the pre-
exponential factor (insensitive to temperature and pressure),
H∗i is the activation enthalpy, ni is the stress exponent andmi
is the grain-size exponent for i-th mechanism. The transition
conditions from one mechanism (mechanism 1) to the other















For the case where mechanism 1 is dislocation creep and 2
is diffusion creep, we have n1 > n2 andm2 > m1. Therefore,
dislocation creep, in which a strongly anisotropic structure
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is formed, tends to dominate under high stress (i.e., high
strain-rate) and coarse grain-size conditions. The relative
magnitude of activation enthalpy depends on the mechanism
of deformation. When dislocation creep is controlled by
dislocation climb and diffusion creep is controlled by grain-
boundary diffusion the activation enthalpy for dislocation
creep is higher than that for diffusion creep. However, when
lattice diffusion controls the rate of diffusion creep, then the
activation energy for the two mechanisms will be similar.
Given the uncertainties in the activation enthalpies of creep
and also in the magnitude of grain-size in the lower mantle,
it is difficult to draw definitive conclusions as to the change
in deformation mechanisms at this time. However, the dif-
ference in the magnitude of stress in the D” layer and the
general lower mantle far away from D” is one of the likely
causes for a change in deformation mechanisms. Recall that
the convection in the Earth’smantle probably occurs at a high
Rayleigh number (e.g., Jarvis and Peltier, 1989). In this case,
flow is concentrated in the boundary layers wheremost of the
buoyancy forces are concentrated. The contrast in strain-rate
between inside the boundary layer (ε˙b) and in general regions
(ε˙g) is given roughly by ε˙b/ε˙g ∼ L/δ ∼ [Ra/(Ra)c]1/3
where L is the thickness of the layer and δ is the thickness
of the boundary layer. Thus for a typical Rayleigh number
of the Earth’s mantle, Ra ∼ 107 (e.g., Jarvis and Peltier,
1989), one expects a factor of ∼10–15 larger strain-rate and
correspondingly higher stresses in the boundary layers than
in the general regions of the lower mantle. The strain-rate
in a part of the D” layer where significant LPO is formed
may in fact be much higher than this estimate. For exam-
ple, for the D” layer in the circum-Pacific where cold and
therefore presumably strong materials collide with the core-
mantle boundary, deformation will occur mostly along the
boundary between the cold slabmaterials and the layer above
it (see Fig. 3). Thus the effective thickness of the layer of
significant deformation is likely to be significantly smaller
than the thickness of the D” layer. Likewise, in the D” layer
beneath the central-Pacific, buoyancy forces for deformation
are likely to be concentrated in the deeper and hotter portions
of the D” layer. In both cases, strain-rates and hence stresses
in the regions of localized flow are likely to be significantly
higher than the simple model of boundary layer predicts.
The high stresses in these regions will change the dominant
deformation mechanism to dislocation creep (Fig. 4).
3.4 Deformation fabrics and seismic anisotropy in de-
formed lower mantle minerals
Deformation fabrics in analog materials have been stud-
ied under low pressures and high homologous temperatures
(T/Tm, T : temperature, Tm: melting temperature) (Karato et
al., 1995; Karato, 1998) or under high pressures but at room
temperatures (Meade et al., 1995). Since deformation fab-
rics are closely related to deformationmechanismswhich are
in turn sensitive to temperatures, I will consider the results
at high homologous temperatures.
For perovskite, the only study of deformation fabrics is on
CaTiO3 (Karato et al., 1995; Zhang and Karato, 1998) which
has the same crystal structure as (Mg,Fe)SiO3 perovskite (or-
thorhombic lattice with space group Pbnm). Strong LPO
is formed by deformation in the dislocation creep regime,
where the [100] axis becomes nearly parallel to the flow di-
Fig. 4. A schematic deformation mechanisms map for minerals. For most
of mantle minerals, the transition conditions between dislocation creep
and diffusion creep are close to the conditions expected in the mantle
(Karato, 1997). Therefore in relatively low stress regions in the mantle
(Normal conditions), deformation may occur by diffusion creep whereas
in relatively high stress regions such as the boundary layers (D” layer
etc.), deformation is likely to occur by dislocation creep.
rection and the (010) plane become nearly parallel to the flow
plane. The elastic constants of deformed perovskite aggre-
gates have been calculated by averaging the LPOs of sheared
CaTiO3 with the elastic constants by Karki et al. (1997b)
(see also Karato, 1998). The LPO of perovskite will cause
weak VSH > VSV or VSV > VSH anisotropy depending on
the assumed elastic constants (Karato, 1998). The former is
marginally consistent with some of the observations. How-
ever, this model would predict a general anisotropy but not
the observed transverse isotropy and would cause significant
SH-SV interaction and shear wave splitting of vertically trav-
eling waves which are inconsistent with the seismological
observation.
Deformation fabrics for MgO corresponding to simple
shear have not been studied. However, deformation fabrics
in NaCl for simple shear were investigated (Franssen, 1993)
which has the same type of dominant slip systems as MgO
(Buerger, 1930). The {110} planes become subparallel to the
shear plane and the 〈111〉 direction becomes subparallel to
the shear direction which is consistent with the dominant slip
systems, 〈110〉{110}. Note, however, that in the NaCl struc-
ture, there is another set of slip systems, namely 〈110〉{001}.
The choice of the {110} or {100} plane appears to be de-
pendent on the elastic anisotropy and also on the electronic
polarizability of ions (Fig. 5). The elastic anisotropy changes
significantly with pressure (Fig. 2). (c11 − c12)/2 which is
the elastic constant for the shear along the {110} plane in-
creases more significantly with pressure than c44 which is the
elastic constant corresponding to the shear along the {100}
planes. A change in electronic polarizability with pressure
could also cause a change in preferred glide plane. With
small electronic polarizability, the {110} planes are the easy
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Fig. 5. Dominant slip planes in crystals with NaCl structure plotted as
a function of elastic anisotropy (S) and the sum of ionic polarizability.
Crystals with large anisotropy ratio S and polarizability tend to assume
easy glide on {100} planes. Effects of pressures and temperatures are
shown schematically by an arrow. {100} planes become dominant glide
plane at high pressures and high temperatures. Data are from Buerger
(1930) and Simmons and Wang (1971).
glide planes. However, for large polarizability, glide long the
{100} planes becomes easy. Because the electronic polariz-
ability is likely to increase with pressure due to the change
in chemical bonding to less ionic (e.g., Knittle and Jeanloz,
1986), one expects a change in fabric as pressure increases.
Therefore glide on the {100} plane will become easier at
high pressures. High temperatures will also favor disloca-
tion creep on the {100} planes because of the higher activa-
tion energy for that slip system. Therefore it is likely that
the relative easiness of the two slip systems, 〈110〉{110} and
〈110〉{001} will change with pressure and temperatures, the
latter being easier at high pressures and temperatures. In the
latter case, the {100} plane becomes subparallel to the flow
plane and the 〈100〉 direction becomes subparallel to the flow
direction. In addition, dynamic recrystallization, which oc-
curs at high temperatures, may change the fabric (Rice, 1970;
Skrotzki and Welch, 1983; Wenk et al., 1997). Thus I will
consider two types of LPO associated with the dominant slip
systems of 〈110〉{110} and 〈110〉{001} respectively.
When the 〈110〉{110} slip system dominates (under low
pressures and/or low temperatures), the {110} planes will
be nearly horizontal. This causes VSV > VSH polarization
anisotropy for a horizontally propagating wave and a large
shear wave splitting for a vertically traveling wave (Karato,
1998) both of which are inconsistent with seismological ob-
servation for the D” layer. On the other hand, if the {100}
planes are horizontal, as expected for horizontal shear at
high pressures and high temperatures, then (e.g., Musgrave,
1970),
ρV 2SV = c44 (3)
and
ρV 2SH ∼ C44[1+ B(S − 1)(1− cos 4φ)] (4)
Fig. 6. VSH/VSV polarization anisotropy caused by the LPO of MgO. A
case of transverse isotropy is considered in which the horizontal plane
coincides with the dominant glide plane ({110} or {100}). In the case
of general anisotropy, VSH/VSV polarization anisotropy depends also on
the direction of wave propagation (see Fig. 2). Arrows indicate the shift
of effective pressures due to temperature corresponding to the 660 km




∼ [1+ B(S − 1)(1− cos 4φ)/2] (5)
where B = (c11 + c12)/4(c11 − c44), S = (c11 − c12)/2c44
and φ is the direction of wave propagation measured from
the [100] direction. Note that this predicts general anisotropy
with four-fold symmetry along the vertical axis. Since the
〈100〉 direction is the symmetry direction, there is no shear
wave splitting for a vertically propagatingwaves through this
structure (see Fig. 2). From Eq. (5), it can be seen that for
the case of S > 1 as in MgO at high pressures, VSH > VSV
(Fig. 6) (VSV > VSH for S < 1 at low pressures). These
results agree with seismological observations. Therefore the
LPO of (Mg,Fe)O with the {100} planes being horizontal is
consistent with seismological observations.
The elastic constant tensor for a mixture of perovskite
and (Mg,Fe)O and the resultant seismic anisotropy was also
calculated. I used the Voigt average in this calculation and
assumed a volume fraction of 20% MgO and 80% MgSiO3
perovskite. Both phases are assumed to deform by disloca-
tion creep. The LPO of perovskite is assumed to be the same
as that observed in CaTiO3 and that of MgO is arbitrarily
assumed to be 1/3 of the single crystal. Due to the large
elastic anisotropy of MgO ((Mg,Fe)O) in the D” layer, seis-
mic anisotropy of the two-phasemixture is dominated by that
of MgO ((Mg,Fe)O). With appropriate mixtures, it is possi-
ble to obtain a model which is consistent with seismological
observations (VSH/VSV ∼ 2–3% and a shear wave splitting
of a vertical traveling wave less than 0.2 sec).
3.5 Alignment of melt pockets by deformation
It has often been assumed that melt pockets will be hori-
zontal when a partially molten material is sheared in a hori-
zontal plane and hence anisotropic structure with transverse
isotropy will result (Aki, 1968; Kendall and Silver, 1996).
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Fig. 7. Geometry of melt pockets in shear deformation. Both experimental
study (Zhang et al., 1995; Karato et al., 1998) and theoretical modeling
(Gay, 1968) show significant tilting of melt pockets due to shear defor-
mation although the sense of tilting is opposite between the two cases.
However, actual geometry of melt (or low viscosity fluids)
during deformation may be more complicated. Gay (1968)
showed that if the viscosity of fluid inclusion is much less
than that of the matrix, then the rotation of the long axis of
fluid inclusions is much smaller than that of finite strain ellip-
soid and significant deviation of orientation of melt pockets
from shear direction occurs up to a significant strain (for ex-
ample, the tilting angle of melt pocket from the shear plane
is ∼20◦ at 500% strain; Gay, 1968). Likewise, the recent
experimental study in our laboratory showed that there is
a significant angle between the long axis of melt pockets
and the flow direction in deformed olivine-basalt melt sys-
tem (Zhang et al., 1995; Kohlstedt and Zimmerman, 1996;
Daines and Kohlstedt, 1997; Karato et al., 1998; see also
Bussod and Christie, 1991). In this latter case, tilting of
∼20–25◦ occurs to the direction opposite to the long axis of
finite strain ellipsoid (antithetic to the shear direction).
Common to both cases is the significant tilting of the plane
of melt pockets (Fig. 7). This causes an anisotropic struc-
ture that does not have transverse isotropy. To see this, let
us assume that melt pockets have a circular shape with a
tilting angle of θ . Consider a seismic wave propagating in
the horizontal plane along the direction defined by the an-
gle φ (angle between the propagation direction and the cross
section between melt pocket and the horizontal plane, see
Fig. 7). The shear waves propagating through such amedium
are split into two polarization directions, one in the plane of
melt pocket (SH wave) and the other perpendicular to it (SV
wave) (Hudson, 1981). For small anisotropy with a small
tilting angle, one has,
ρV 2SH = μ[1+ A(sin2 φ · sin2 θ − 1)2] (6)
and






3λ + 4μ (8)
and f is the number density of melt pockets, a is their diam-
Fig. 8. Anisotropy function G(θ, φ) for tilted melt pockets (Eq. (6) in
the text). θ : angle of tilting of melt pockets from the horizontal plane,
φ: orientation of propagation of seismic waves in the horizontal plane
(see Fig. 7). For aligned melt pockets with some tilt, seismic wave
velocity does not have transverse isotropy but rather depends on direction
of propagation in the horizontal plane.
eter, λ and μ are Lame´ constants. Therefore,
VSH
VSV
∼ 1+ A · G(θ, φ) (9)
where
G(θ, φ) = 1
2
[1− B2(θ)(1− cos 2φ)
−B4(θ)(1− cos 4φ)] (10)
with
B2(θ) = (5/2)α − 2α2 (11a)
B4(θ) = (1/2)α2 (11b)
where α = sin2 θ . Note that seismic wave velocity depends
not only on the tilt (θ) of melt pockets but also on the az-
imuth (φ) of wave propagation and hence the structure is not
transversely isotropic (Fig. 8). The azimuthal dependence is
quite large even for a small tilt and the cos 2φ term dominates
over the cos 4φ term. For example, for θ = 20◦, B2 = 0.265
and B4 = 0.0068.
Consequently, a vertically propagating wave through such
a structure will show significant shear wave splitting. For ex-
ample, for a tilting angle of θ = 20–30◦, if∼2%VSH/VSV po-
larization anisotropy is observed for a horizontally propagat-
ing wave (e.g., Kendall and Silver, 1996), one gets A ∼ 0.1
and therefore the shear wave splitting of ∼0.4–0.6 sec will
occur for a vertically travelingwave (I assume∼200 kmof an
anisotropic layer). This significantly exceeds seismological
observations that show less than 0.2 sec shear wave splitting
of SKS waves (Kaneshima and Silver, 1992; Meade et al.,
1995).
4. Discussion
4.1 Why is (a part of) the D” layer anisotropic whereas
most of the lower mantle isotropic?
The most straightforward hypothesis to answer this ques-
tion that is consistent with mineral physics is to assume that
1026 S. KARATO: SOME REMARKS ON THE ORIGIN OF SEISMIC ANISOTROPY
some portion of the D” layer deform by dislocation creep
whereas the rest of the lower mantle deforms by diffusion
creep. A sharp jump in VSH at the top of the D” layer may
be due to the sharp change in anisotropic structure similar
to the Lehmann discontinuity in the upper mantle (Karato,
1992). In this model, regions of the D” layer where signifi-
cant anisotropy occurs correspond to regions of high stress.
Meade et al. (1995) argued, based on laboratory experi-
ments at room temperature, that the lack of seismic aniso-
tropy is due to unique properties of MgSiO3 perovskite that
does not result in lattice preferred orientation due to deforma-
tion by any mechanisms including dislocation creep. Such
a notion is incompatible with well established polycrystal
plasticity theory (e.g., van Houtte and Wagner, 1985). In
addition, application of the results at room temperature to
the lower mantle where homologous temperature is consid-
ered to be high (T/Tm ∼ 0.5–0.9) can not be justified, be-
cause deformationmechanisms in solids change significantly
with temperatures. Furthermore, even if such an unusual
behaviour might occur for MgSiO3 perovskite, it is well es-
tablished that strong LPO will result if MgO (or (Mg,Fe)O)
is deformed by dislocation creep (Rice, 1970). Because the
presence of a significant amount of (Mg,Fe)O (∼20–30% for
the pyrolite model; Ringwood, 1991) is highly likely in the
lower mantle as suggested by the penetration of some slabs
into the lower mantle (van der Hilst et al., 1997) and because
(Mg,Fe)O is likely to have large elastic anisotropy in the deep
lower mantle (Fig. 2), I consider that this model is difficult
to maintain.
Lay et al. (1998a,b) considered that the deformationmech-
anisms in the lower mantle may change from diffusion creep
in normal portions to dislocation creep in the D” layer due to
high temperatures. As discussed before, the effects of tem-
perature on deformation mechanisms in lower mantle min-
erals are poorly constrained. The most serious difficulty
with this model is to explain the observation that a strong
anisotropy is observed in the circum-Pacific where tempera-
tures in the D” layer are likely to be lower than average.
I therefore conclude that the transition from isotropic to
anisotropic structure that occurs in the D” layer is most likely
due to LPO caused by deformation at high stress in that layer,
particularly in the D” layer beneath the circum-Pacific, al-
though the presence of aligned melt pockets is a possibility
in the central-Pacific.
4.2 What is the cause for anisotropy and what does it
tell us about the dynamics of the core-mantle bound-
ary?
The present model implies that most of the anisotropy
in the D” layer (except possibly the anisotropy in the D”
layer beneath the central-Pacific) may be caused by LPO in
(Mg,Fe)O with the {100} being the dominant glide plane.
In this case, VSH > VSV means horizontal flow and |VSH −
VSV|/VSH depends on the direction of propagation of seismic
waves: the largest for the 〈110〉 direction and the smallest
along the 〈100〉 direction.
An alternative model is the one by Kendall and Silver
(1996) in which layered structure caused by SPO of melt
pockets is considered to cause anisotropy. This model has,
however, significant difficulties as follows. Firstly, if partial
melting is responsible for anisotropy, then the average veloc-
ity in anisotropic regions should be less than that of typical
area. Although this may be the case for the D” layer be-
neath the central-Pacific, the average velocities in the circum-
Pacific regions are higher than those in other typical areas.
Second, melt pockets in sheared rocks are likely to be tilted,
hence there should be significant interaction between SH and
SV waves and significant shear wave splitting of a vertically
traveling wave, which are inconsistent with the seismolog-
ical observations. However, SPO of melt pockets cannot
be ruled out as a cause for anisotropy in the central-Pacific
where anisotropy appears to be strong in the very bottom of
the D” layer where evidence for significant partial melting is
reported (Williams andGarnero, 1996; Garnero et al., 1998).
Layered structures could also be formed by the presence
of iron-rich phases (at the bottom of the D” layer). However,
penetration of iron-rich materials is likely to be limited to a
very thin layer (less than∼100 m) (Poirier andMoue¨l, 1992)
and in which case this effect is not important. A layered
structure of former basaltic crust and host mantle, such as
the marble-cakemantle as suggested by Alle`gre and Turcotte
(1986), is also possible but the contrasts in elastic constants
are not well known. A laminated structure could also be
formed by deformation of anMgO-rich layer (Karato, 1998).
In this last model, LPO of MgO will also be present. The
LPO must be the one with the {100} plane being horizontal
for the net anisotropy to be consistent with seismological
observations. In this case, the anisotropic structure will be
similar to the one due to LPO without layering.
The analysis presented in this paper provides a physically
reasonable framework to interpret seismic anisotropy in the
D” layer. LPO of minerals particularly that of (Mg,Fe)O
is a likely mechanism of anisotropy in the circum-Pacific
regions, whereas both LPO of (Mg,Fe)O and SPO of melt
pockets could cause anisotropy in the central-Pacific. Com-
mon to both is the notion that VSH > VSV (VSV > VSH)
polarization anisotropy corresponds to horizontal (vertical)
flow (if the glide plane in (Mg,Fe)O is {100}). Therefore
seismic anisotropy provides us with key information as to
the flow geometry. Thus important constraints will be ob-
tained from seismic anisotropy on the dynamics of interac-
tion of downgoing materials with CMB and the dynamics
of plume generation in the D” layer. However, implications
for other physical conditions are different between the two
models. LPO of (Mg,Fe)O would imply that the regions of
large anisotropy correspond to the regions of high stresses,
whereas SPO of melt pockets would imply that these regions
correspond to the regions of significant partial melting.
Howcould one test and distinguish variousmodels bymin-
eral physics and/or seismological observations? From the
mineral physics point of view, the most important issue is to
investigate the LPO of MgO (or (Mg,Fe)O) at high pressures
and temperatures. Identification of dominant glide plane un-
der extreme conditions will be especially critical. Effects of
dynamic recrystallization must also be investigated. From
the seismological point of view, the clearest difference be-
tween the two models (layered structures and LPO) is the
dependence of polarization anisotropy on the direction of
wave propagation. The MgO LPO model predicts that the
anisotropy has four-fold symmetry. Namely, the nature of
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shear wave polarization depends on azimuth as cos 4φ (Eq.
(4)), whereas the model of aligned melt is dominated by the
two-fold symmetry (Fig. 8). Measurements of polarization
anisotropy at different azimuths are critical to constrain the
mechanisms of anisotropy. Such measurements are difficult,
however, due to the limited distribution of earthquake sources
and currently available stations. New development of seis-
mic stations planned by OHP will provide us with critical
data to better understand the dynamics of the D” layer from
seismological observations.
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